The zonal mean relative humidity response to a doubling of CO 2 in a climate model is examined using a global climate model and an offline tracer transport model. Offline tracer transport model simulations are driven by the output from two configurations of the climate model, one with 1979 concentrations of atmospheric greenhouse gases and one with doubled CO 2 . A set of last saturation tracers is applied within the tracer transport model to diagnose the dynamics responsible for features in the water vapor field. Two different methods are used to differentiate the effects of circulation and transport shifts from spatially inhomogeneous temperature changes. The first of these uses the tracer transport model and is achieved by decoupling the input temperature and circulation fields; the second uses the reconstruction of humidity from the last saturation tracers and is achieved by decoupling the tracer concentrations from their saturation specific humidities. The responses of the tropical and subtropical relative humidities are found to be largely dependent on circulation and transport changes, particularly a poleward expansion of the Hadley cell, a deepening of the height of convective detrainment, a poleward shift of the extratropical jets, and an increase in the height of the tropopause. The last saturation tracers are used to illustrate the influence of changes in transport pathways within the GCM on the zonal mean relative humidity, particularly in the tropical upper troposphere and subtropical dry zones. Relative humidity changes near the extratropical tropopause and in the lower troposphere are largely dependent on changes in the distribution and gradients of temperature. Increases in relative humidity near the extratropical tropopause in both hemispheres are coincident with increases in the occurrence of local saturation and high cloud cover.
Introduction
Climate models indicate that the water vapor feedback is roughly equivalent to that expected from constant global mean relative humidity (RH; Soden and Held 2006; Randall et al. 2007 ). Analyses of observed climate variations in the recent historical record are consistent with this view (Soden et al. 2002; Dessler et al. 2008) . A constant global mean RH does not necessarily correspond to a static distribution of RH, however, and even small changes can be consequential for other aspects of the climate (e.g., Sherwood et al. 2010) .
Relative humidity is an important factor in determining the distribution and occurrence of clouds (Sundqvist 1978; Price and Wood 2002) . An increase in the fraction of optically thin high clouds with warming would represent a positive feedback, as such clouds are relatively transmissive to sunlight, largely opaque to outgoing longwave radiation, and have a substantially different emission temperature than the surface. The converse is true for low clouds, as the increase in solar albedo that they provide outweighs their effect as longwave absorbers (Manabe and Strickler 1964; Hartmann et al. 1992; Chen et al. 2000) . A greater understanding of the underlying causes of simulated RH changes and their plausibility may therefore be helpful in constraining cloud feedbacks, which currently represent the largest source of intermodel spread in climate sensitivity (Randall et al. 2007 ). Inhomogeneity in RH changes also impacts the distribution of both latent and radiative heating, which may then project onto the atmospheric circulation (Schneider et al. 2010 ), largescale convective organization (Gray and Jacobson 1977) , and the level at which deep convection detrains (Hartmann and Larson 2002) . Regional shifts of the climatological distribution of RH thus have the potential to influence climate on a wide range of scales.
Several studies have noted that the simulated RH response to warming exhibits a distinctive zonal mean pattern (Mitchell and Ingram 1992; Lorenz and DeWeaver 2007a; Sherwood et al. 2010 ). This pattern is characterized by a horseshoe-shaped decrease of relative humidity throughout the tropical upper troposphere, subtropics, and extratropical free troposphere, with a slightly more pronounced decrease in the Southern Hemisphere. This horseshoe is bracketed by an increase in relative humidity in the tropical midtroposphere and extratropical tropopause layer, as shown in Fig. 1 . The RH difference shown in Fig. 1 is averaged over 10 models in the World Climate Research Program's (WCRP's) Coupled Model Intercomparison Project phase 3 (CMIP3) multimodel dataset, and is calculated using time mean zonal mean relative humidities from the final 5 yr of the slab-ocean control (SlabCNTL) and doubled carbon dioxide (2xCO2) experiments. Although the details of the signal vary among constituent models, the qualitative pattern is largely robust. The relative humidities used to derive Fig. 1 are those reported by the individual models and may, thus, be calculated by using different formulations or transitions from saturation with respect to liquid to saturation with respect to ice.
Relative humidity is defined in this analysis as the ratio of specific humidity to saturation specific humidity. Saturation specific humidity is a function of local temperature as expressed by the Clausius-Clapeyron equation. Free tropospheric specific humidity is in turn determined to leading order by the temperature and circulation fields, where the latter includes the distribution of convective transport, with condensate evaporation playing a minor role (Sherwood 1996; Pierrehumbert and Roca 1998; Galewsky et al. 2005; Sherwood and Meyer 2006; Wright et al. 2009 ).
Unsaturated air parcels conserve specific humidity. To the extent that condensate evaporation is unimportant, the specific humidity in unsaturated air equals the saturation specific humidity at the point at which it was last saturated. Galewsky et al. (2005, hereafter GSH) used ''tracers of last saturation'' to trace the pathways taken by air parcels since their points of last saturation. This technique provides insight into the ways in which the circulation and temperature fields together determine the distributions of atmospheric specific and relative humidities. Here, we apply an updated formulation of this tracer technique to the output of two integrations of a GCM, one of which simulates the modern climate and one of which simulates a climate with doubled CO 2 . The results help to establish the relative influences of shifts in atmospheric circulation and convective transport as compared to inhomogeneous changes in temperature on the characteristic RH response shown in Fig. 1 .
Model configuration
This study employs a two-level global modeling procedure to investigate the mechanisms behind relative humidity change in a warmer climate. First, a GCM is run to provide 6-hourly circulation and temperature fields that are representative of both a modern (CTL) and doubled CO 2 (WRM) climate. These meteorology fields are then used as inputs to a global tracer transport model, which includes an independent hydrologic cycle and is outfitted with a last saturation tracer scheme (GSH; Hurley and Galewsky 2010a,b) .
a. General circulation model
The base meteorology for this study is generated by two integrations of the Goddard Institute for Space Studies (GISS) ModelE (Schmidt et al. 2006) . The first of these, designated CTL, uses atmosphere and ocean conditions that are consistent with the year 1979, including greenhouse gas concentrations and sea surface temperatures. The second simulation is designated WRM, and is performed using a slab-ocean version of the model with the atmospheric CO 2 doubled from the FIG. 1. Zonal mean changes in RH averaged over 10 different slabocean GCMs. Dotted contours represent decreases in the 2 3 CO 2 runs as compared to the control runs. Contour intervals are 2% RH; the first dashed contour represents a 1% absolute decrease in RH and the first solid contour represents a 1% absolute increase in RH.
1979 value at the outset. The concentration of atmospheric CO 2 is held constant at 337.1 ppmv for the CTL simulation and 674.2 ppmv for the WRM simulation.
Both model simulations are run at 28 3 2.58 latitudelongitude resolution with 20 vertical levels. Advection of temperature and water vapor conserves the potential enthalpy and mass, and is computed using a quadratic upstream scheme with nine higher-order moments (Prather 1986 ). This yields an effective tracer resolution of approximately 0.78 3 0.88. The model physics and radiation are described in detail by Schmidt et al. (2006) .
The sea surface temperatures and sea ice extent for the CTL simulation follow a fixed annual cycle averaged over 1975-84, with all other boundary conditions set to 1979 values, as discussed by Schmidt et al. (2006) . This simulation is run for 10 yr; output from the last 5 yr is used for this analysis.
The WRM simulation is similar to the CTL simulation, with the addition of a mixed layer heat flux model (q-flux). The initial mixed layer heat transport is prescribed using implied values from a 5-yr climatology generated during the CTL simulation. The net global heating at the surface during the CTL run is 0.09 W m
22
, well within the 60.5 W m 22 threshold recommended for a q-flux setup run (Schmidt et al. 2006) . The mixed layer depth varies according to a fixed seasonal cycle and is assumed to be isothermal with depth. Energy is conserved by incorporating fluxes between the mixed layer and a deeper layer between the base of the current mixed layer and the base of the mixed layer at its annual maximum depth. The sea surface temperatures and sea ice extent are determined dynamically during the model integration.
Instantaneous meteorological variables are saved every 6 h during each model run. Saved surface variables include orography, surface geopotential, surface temperature, surface pressure, latent heat flux, sensible heat flux, and the zonal and meridional components of the surface stress. Atmospheric variables are saved at all 20 vertical levels and include the temperature, specific humidity, and zonal and meridional winds. For compatibility with the tracer transport model, these data are interpolated from the ModelE's 28 3 2.58 latitude-longitude grid onto a T42 Gaussian grid using bilinear interpolation. The vertical coordinate is unchanged.
Relative humidity is calculated from the ModelE results using the modified formulas for saturation vapor pressure provided by the World Meteorological Organization (WMO 1988) , with a linear transition from liquid to ice between T 5 273.16 and 253.16 K. Note that this differs from the ModelE diagnostic contributed to the CMIP3 archive, for which RH is calculated with respect to liquid water everywhere. We have chosen this formulation for consistency with the other models used in this study.
b. Tracer transport model
Tracer transport is accomplished using the offline Model for Atmospheric Transport and Chemistry (MATCH) developed at the National Center for Atmospheric Research (NCAR) (Rasch et al. 1997 ). The MATCH model uses a semi-Lagrangian advection scheme, and includes an independent hydrologic cycle with parameterizations for cloud physics and convection.
The MATCH integrations presented here are performed using a 30-min time step, with linear interpolation between the 6-hourly meteorological fields. The model is run on a T42 Gaussian horizontal grid with 20 hybrid sigma vertical levels, matching the input meteorological data. Tracer advection is calculated using a semi-Lagrangian transport scheme with enforced mass conservation (Rasch and Williamson 1990; Rasch et al. 1995) . Subgrid-scale turbulent mixing is represented by a vertical eddy diffusion parameterization.
The parameterizations for clouds and convection are based on those developed for version 3 of the NCAR Community Climate Model (CCM3). In particular, MATCH uses the prognostic cloud parameterization presented by Rasch and Kristjansson (1998) and the convection scheme described by Hack et al. (1998) . The convective parameterization partitions the convective transport into deep convection (Zhang and McFarlane 1995) and shallow convection (Hack 1994) . Tracers are advected both within the convective parameterization and by the large-scale circulation.
The relative humidity in MATCH is also calculated using the formulation given by the WMO (1988), although the transition from saturation with respect to liquid to saturation with respect to ice differs from that used for the ModelE results. In MATCH, this transition is accomplished by using an empirical fifth-order polynomial fit between T 5 273.16 and 253.16 K.
c. Tracer formulation
The base formulation of the tracers of last saturation follows that of GSH. Specifically, a set of N zonally symmetric tracer domains is chosen to cover the global troposphere. The overall distribution of tracer domains is shown as dashed gray lines in Fig. 2 . Note that each tracer covers a limited range in latitude and a limited range in pressure, but is global in longitude. Each grid point between the surface and 110 hPa in the model is contained by a domain. For any given grid point, we will call the tracer associated with its containing domain the local tracer (L) and all other tracers will be nonlocal tracers (T i ; i 5 1, . . . , N 2 1).
All tracers are initially set to zero. During model integration, whenever the free-tropospheric RH exceeds a saturation threshold of 90%, the local tracer is set to one and all nonlocal tracers are set to zero at that point:
where l and f represent the longitude and latitude of the saturated grid cell, respectively; p represents the vertical coordinate; and t denotes the model time step. As defined below, S and S amt are the surface source tracers. Whenever the local RH is below the threshold value, the tracers of last saturation are permitted to advect and mix unchanged. An RH threshold of 90% is chosen to reflect the fact that saturation operates at spatial scales well below the grid scale; that is, some air parcels in the grid volume may be at saturation even though the mean RH for the entire volume is below 100%. The results of the tracer calculations presented in this paper are qualitatively insensitive within reasonable perturbations to this threshold (610% RH). This insensitivity to reasonable perturbations was also noted by GSH, and results from the sharp gradients between locations with high and low RH. That is, the locations that experience 80% RH are very similar to the locations that experience 90% RH, which are in turn quite similar to the locations that experience 100% RH. Shifting the humidity threshold down (up) leads to a slightly more dilute (concentrated) tracer distribution, but does not change the qualitative nature of the results (i.e., the large-scale distribution of where air is last saturated). We chose 90% because it gives the best reconstruction. Using a saturation threshold of 80% results in a slight dry bias in the reconstruction (;23% RH), while using a threshold of 100% results in a slight moist bias (;17% RH). Saturation for the tracer scheme is determined according to MATCH's internal hydrologic cycle, rather than the GCM output.
The evaporative source at the surface is incorporated by treating the lowest model layer separately: all last saturation tracers in this layer are set to zero and a source tracer (S) is defined with a value equal to the current specific humidity (q) in the grid cell:
where p b denotes the lowest model layer. For bookkeeping purposes we also define a source amount tracer S amt that follows the definitions of L and T . Note that S amt is by definition the local tracer L in the lowest model layer, so that there are N nonlocal tracers rather than N 2 1. The source tracer is permitted to mix, so that the value of S at any location may reflect several excursions to the surface.
The local specific humidity q(l, f, p, t) can then be reconstructed via the linear combination
where q*(l, f, p, t) is the local saturation mixing ratio and hq i *i represents the density-weighted mean saturation specific humidity for tracer domain i. As with the ModelE results, the saturation specific humidity in the tracer scheme is calculated using the formulas provided by the WMO (1988) , with a linear transition from saturation over liquid to saturation over ice as described in section 2a.
The tracers generally obey the constraint
in our simulations; after a brief initial spinup period, significant deviations from this constraint occur only above the uppermost tracer boundary at 110 hPa. RH is then reconstructed as
with q(l, f, p, t) determined by Eq. (1). GSH discuss technical issues involved in this reconstruction and quantify several sources of error. Note that although the tracers are used to reconstruct the water vapor field, they do not directly represent the water vapor itself; the concentration of tracer T i in a grid cell is the fraction of air in that grid cell that was last saturated in domain i. Figure 2 shows a direct comparison between the modeled and reconstructed zonal mean RH fields for the MATCH integration using CTL meteorological fields as input. The qualitative patterns match up remarkably well, and the point-to-point comparison also indicates excellent agreement in both the tropics and extratropics. Excluding the model layers below 900 hPa and above 110 hPa, where boundary layer or stratospheric influences render the reconstruction less effective, the Pearson correlation coefficients between modeled and reconstructed RHs are greater than 0.95. The reconstruction breaks down somewhat near the poles, as the tracer domains get larger. This pixilation effect is discussed in GSH.
Figure 2 includes two adjustments to the tracer scheme presented by GSH. First, we have altered the distribution of the tracer domains (defined by dotted black lines). Although the chosen domains remain zonally axisymmetric, they now provide global coverage (as opposed to 508S-508N in GSH). The horizontal resolution of the tracer domains is approximately 58 latitude equatorward of 508, with a ;158 domain out to 658 and a 258 domain extending to the pole in both hemispheres. We also increase the tracer domain resolution with altitude, so that the vertical domain sizes are roughly equivalent in log(p) space. This allows us to better diagnose the mechanisms influencing the upper-tropospheric humidity, particularly in the tropics. Second, we have adjusted the online tracer calculation to correct for extremely high upper-tropospheric humidities (in some locations supersaturation with respect to liquid water) in the reconstructions obtained using the GSH formulation. This bias resulted from the transport of trace amounts of source and lower-tropospheric tracers into the upper troposphere. Although these tracer concentrations were quite small, they were associated with values of hq*i that were comparatively quite high and, thus, exerted a disproportionately large influence on the reconstructed humidity. We have addressed this issue by including an online calculation of the density-weighted mean temperature hT i (t)i for each tracer domain, which is dependent only on time. Thus, hT i (t)i is an estimate of the remote temperature at which an air parcel containing only T i was saturated. At each time step, we loop through the grid cells and assess whether the local temperature T(l, f, p, t) is less than the tracer domain temperature hT i (t)i for any tracer T i with nonzero concentration in that grid cell. If so, then the entirety of tracer T i is converted to local tracer L:
This adjustment to the tracer calculation compensates for any spurious vertical tracer transport that could lead to supersaturation in the reconstruction, and is physically equivalent to assuming that condensate is immediately removed at the subgrid scale in both parameterized convective updrafts and vertical advection.
Simulated climate changes
Investigation of the mechanisms underlying the characteristic pattern shown in the multimodel mean RH changes ( Fig. 1) requires meteorological output from a GCM that exhibits this pattern of change as climate warms. Figure 3 shows the RH difference between the WRM and CTL runs of the GISS ModelE. The changes between these two simulations agree quite well with the multimodel mean change qualitatively, and are of similar magnitude. This indicates that the ModelE is a reasonable choice for examining the root causes behind the pattern of RH changes.
A number of studies have examined the distribution of circulation and temperature changes in the model simulations submitted to the CMIP3 intercomparison project (e.g., Randall et al. 2007; Lorenz and DeWeaver 2007b; Vecchi and Soden 2007; Lu et al. 2008; Gastineau et al. 2008) . In general, these studies find that the tropopause height increases; the tropical overturning circulation expands poleward, deepens, and weakens; the extratropical jets shift poleward; the lapse rate of temperature with altitude is reduced; and the equator-to-pole temperature gradient in the upper troposphere is increased. These findings are consistent with observational studies that focus on recent historical trends in atmospheric temperature and circulation (e.g., Santer et al. 2003; Seidel and Randel 2006; Hu and Fu 2007; Allen and Sherwood 2008; Santer et al. 2008) , although there is some disagreement with observed trends in the strength and rate of the poleward expansion of the Hadley cell (Mitas and Clement 2006; Johanson and Fu 2009) . Figure 4 shows simulated circulation and temperature changes between the CTL and WRM runs of the ModelE GCM. The troposphere warms nearly everywhere (Fig. 4a, shading) , with the strongest warming in the tropical upper troposphere. This reduces the tropospheric lapse rate in the tropics and subtropics. The equator-to-pole temperature gradient is reduced in the lower troposphere and increased in the upper troposphere. Changes in zonal mean streamfunction (Fig. 4b,  shading) indicate that the Hadley cell expands poleward and deepens, and that tropical deep convection detrains at a higher level. Taken together with the warming in the tropical upper troposphere, the latter is at least qualitatively consistent with the fixed anvil temperature hypothesis, which postulates that tropical convective detrainment is constrained to occur at roughly the same temperature as climate changes (Hartmann and Larson 2002) . The strength of the Hadley circulation is very similar between the CTL and WRM slab-ocean simulations of the ModelE, with a slight strengthening or weakening depending on the metric used. Vecchi and Soden (2007) and others report that the tropical overturning circulation weakens in the CMIP3 models; however, this decrease is primarily manifested in the Walker circulation rather than the Hadley cell. The strength of the longitudinal Walker circulation in the ModelE decreases in our WRM simulation (not shown), consistent with this consensus. Gastineau et al. (2008) show that changes in the strength of the Hadley cell are much more variable in CMIP3 models. Within the context of current scientific understanding, the representation of changes in the strength of the tropical overturning circulation is reasonable and consistent with these expectations.
Shifts in the zonal mean zonal wind (Fig. 4a , white contours) indicate that the extratropical jets intensify and shift poleward in the ModelE, consistent with the CMIP3 multimodel mean (Lorenz and DeWeaver 2007b) . Figure 4c shows the zonal mean tropopause height and temperature changes for the WMO (1957) tropopause. Tropopause pressure (height) decreases (increases) globally with a minimum shift in the tropics, while tropopause temperature increases everywhere but in the deep tropics, which exhibit a slight cooling trend. Both of these are consistent with the CMIP3 multimodel means (Lorenz and DeWeaver 2007b) and with observations of recent historical trends (Santer et al. 2003) .
If multimodel mean trends (which in some cases are consistent with recent historical trends in the observations) are considered as a baseline consensus, the circulation and temperature changes simulated by the GISS ModelE are generally consistent with this consensus. One important caveat is that the ozone levels in the simulations presented here are fixed at 1979 values, so the impacts of stratospheric ozone recovery on circulation and temperature changes (Son et al. 2008 (Son et al. , 2009 are not included in this analysis.
Tracer model experiments
The GCM simulations provide a means by which to describe the control and doubled CO 2 climates. The MATCH tracer transport model is employed at the second level because it affords greater flexibility. By separating calculations of the tracer distribution from the circulation and temperature fields that determine them, the mechanisms that control the distribution of RH changes can be better identified and isolated. It is therefore important that the results of the MATCH runs using GISS output are similarly able to reproduce the expected pattern of RH change. Figure 5a shows the zonal mean difference of RH between the WRM and CTL runs for the MATCH model hydrologic cycle. The contents of this figure follow the same general pattern and are of similar magnitude to those of Fig. 3 . Relative errors between the two sets of simulations are on the order of 20%-25% of the simulated changes in RH (Fig. 5b) .
The MATCH runs are forced using ModelE output. This leaves two significant differences between the simulations used to prepare Fig. 3 and those used to prepare Fig. 3 ) is shaded in gray in both panels for reference. the pattern of RH change in MATCH and that in the GCM suggests that the distribution of RH changes is not strongly sensitive to the details of these two parameterizations. This conclusion is supported by the robust nature of the pattern among the CMIP3 model simulations, which also contain a variety of advection and microphysical parameterizations. We note, however, that the MATCH model (Fig. 5b) and most of the individual CMIP3 models (not shown) indicate larger changes in RH than in the ModelE, particularly in the deep tropics, in the tropical upper troposphere, and along the extratropical tropopause.
In the absence of condensate evaporation, the relative humidity at any given point will remain constant under climate change so long as the saturation mixing ratio changes by the same fraction at the point in question and at the relevant point(s) of last saturation. Loosely speaking (in particular, neglecting the nonlinearity of the Clausius-Clapeyron relation), this would occur over the entire atmosphere if the transport pathways remain relatively constant and the temperature changes are spatially uniform. As discussed above, however, climate model simulations of warming predict shifts in the largescale circulation and distribution of convective transport, and indicate that temperature changes will have spatial structure (e.g., Randall et al. 2007; Lorenz and DeWeaver 2007b; Lu et al. 2008) . We wish to attribute the changes in RH shown in Fig. 1 to these two factors. To what extent are these changes driven by circulation shifts, and to what extent are they driven by spatially inhomogeneous temperature changes?
As a brute force method of separating the roles of circulation and temperature, we run the MATCH model with temperature and circulation fields chosen from different GCM simulations. MATCH is run with WRM temperatures and CTL circulation and vice versa. This is dynamically inconsistent, since the temperature and winds are related through the equations of motion. On the other hand, it is kinematically acceptable for the purpose of diagnosing the mechanisms controlling water vapor; the water vapor simply evolves in space and time according to a given set of temperature and wind fields. This approach leverages the offline tracer transport to separate the temperature and circulation in a way that could not be done in a dynamically consistent calculation. Figure 6a shows RH changes between the CTL MATCH simulation and a simulation in which the WRM atmospheric temperatures are combined with the CTL circulation. This difference does not show the characteristic horseshoe-shaped pattern of RH decrease throughout the troposphere, particularly in the tropical and subtropical upper troposphere. It does capture the RH increases near the extratropical tropopause and in the tropical tropopause layer, however, as well as many aspects of the lower-tropospheric response. Figure 6b shows the same quantity for a MATCH simulation in which the WRM circulation is combined with CTL atmospheric temperatures. In this case, the tropical and subtropical free-tropospheric response is captured quite well, although the RH increase near the extratropical tropopause does not appear. Figure 6 thus suggests that RH changes in the tropical and subtropical troposphere are controlled primarily by circulation changes, whereas the increase near the extratropical tropopause and changes in near-surface RH are controlled primarily by temperature changes.
The high-latitude tropospheric response is far too strong in both perturbation simulations; in fact, Figs. 3 and 5 indicate that changes in these regions should be FIG. 6 . Zonal mean relative humidity changes in the MATCH hydrologic cycle for (a) a run in which the input files contain WRM temperatures and CTL dynamics and (b) a run in which the input files contain WRM dynamics and CTL temperatures. Contour intervals are 2% RH, as in Fig. 1 . The range of zonal mean tropopause pressures (as in Fig. 3 ) is shaded in gray in both panels for reference.
small and of variable sign, rather than the strongly negative response shown in both panels of Fig. 6 . This mismatch may be a consequence of removing the strong covariability between the circulation and temperature in the midlatitudes. It could also simply be a result of nonlinearities: tracer transport is linear, while saturation is nonlinear. In the tropics above 200 hPa, the RH response is again too strong, such that both simulations predict RH increases that are similar in sign and magnitude to those in the WRM simulation. In the simulation with WRM temperature and CTL circulation, this increase is spatially quite uniform, and likely due to sharpened temperature gradients near the tropopause (Fig. 4) . In the simulation with CTL temperature and WRM circulation, the RH increases are confined primarily to convective regions, such as over the ITCZ and ascending branches of the Walker circulation, and are likely related to changes in the overturning circulation. While these simulations predict an increase in the zonal mean RH in both cases, they do so for different reasons. Thus, the results in Figs. 6a and 6b need not add up to those in Fig. 5 in general, although they do so (approximately) in the tropical and subtropical troposphere, and at the extratropical tropopause. Figure 2 indicates that the tracer reconstruction of RH agrees both qualitatively and quantitatively with the RH simulated by MATCH using the CTL meteorology. This agreement translates to RH changes between the CTL and WRM runs, as shown in Fig. 7 . The reconstruction captures much of the structure observed in both the GISS model (Fig. 3) and the online MATCH hydrologic cycle (Fig. 5) , in particular the horseshoe-shaped RH decrease and the increases in the tropical middle troposphere and the extratropical tropopause layer. The tracer reconstruction of RH does not capture the increase of RH in the tropical tropopause layer. This is because the reconstructed RH is approximately 100% in both simulations. Because the tracer domains are global in longitude, the convective and nonconvective regions cannot be effectively distinguished, so that the convective regions set the local tracer L to be approximately 1 throughout the domain. Since the nonconvective regions were typically last saturated in the convective regions within the domain, they appear saturated in the reconstruction as well, leaving no potential for an increase in the zonal mean RH as seen in Figs. 1, 3 , and 5.
Last saturation tracers
The broad agreement between the changes in the simulated and reconstructed RH provides a check on the consistency of the tracer formulation. Since the RH reconstruction successfully captures the pattern of RH changes in the warmer climate, the tracers can be applied to diagnose some of the relevant mechanisms.
A simple diagnostic that can be constructed from the last saturation tracers involves separating the contribution of the changes in the local tracer L(l, f, p), which represents the fraction of air in a grid cell (l, f, p) that was last saturated with the tracer domain containing that cell, from that of all the nonlocal tracers
Although it only makes use of a small fraction of the information carried by the tracers, this diagnostic appears to explain much of the spatial structure and sign of the RH change. Figure 8 shows the zonal and time mean changes in the concentration of L. The pattern of changes in L agrees remarkably well with the FIG. 7 . Annual mean zonal mean changes in RH reconstructed from the last saturation tracers. Contour intervals are 2% RH as in Fig. 1 . The range of zonal mean tropopause pressures (as in Fig. 3 ) is shaded in gray for reference.
FIG. 8. Annual mean zonal mean changes in local tracer concentration. Contour intervals are 2%; the first dashed contour represents a 1% absolute decrease and the first solid contour represents a 1% absolute increase. The range of zonal mean tropopause pressures (as in Fig. 3 ) is shaded in gray for reference.
pattern of changes in the simulated RH. In particular, if the proportion of air that is last saturated locally decreases, then the RH tends to decrease, and vice versa. This correspondence is expected, as air that was last saturated nearby is likely to be closer to saturation now.
The close correspondence between the pattern of changes in RH and the pattern of changes in L is particularly relevant near the extratropical tropopause in both hemispheres. These regions experience an increase in the concentration of local tracer L, which acts to increase the RH by increasing the contribution of q*(f, p) to q(f, p) [Eq. (1)]. This is driven in large part by the gradient of temperature changes in the upper troposphere. In the CTL simulation, humidity near the extratropical tropopause is determined to a significant extent by equatorward zones of last saturation. The greatest warming occurs in the tropical upper troposphere, with gradually diminished warming toward the poles (Fig. 4) . This pattern of warming results in an increase in the equator-to-pole temperature gradient in the upper troposphere and along the extratropical tropopause. Local temperatures in the extratropical tropopause layer have thus cooled relative to any equatorward zones of last saturation. This leads to an increase in the occurrence of local saturation, which drives an increase in the RH. Figure 9a shows the mean concentration of individual tracers in the CTL simulation for an example point along the extratropical tropopause. Figure 9b shows how these concentrations change in the WRM simulation, and illustrates the shift from equatorward last saturation to local saturation that occurs in this region. This increase of local saturation may in turn lead to an increase in the occurrence of high thin clouds near the extratropical tropopause, with implications for cloud radiative forcing. Examination of the ModelE output indicates that the zonal mean ice cloud cover in these regions increases by between 1% and 5% (not shown), a result that is consistent with the CMIP3 multimodel mean changes in Arctic high cloud cover presented by Vavrus et al. (2009) .
As with the MATCH perturbation simulations presented in section 4, the tracer reconstruction of RH [Eqs.
(1) and (3)] can be broken down into two components: one representing the circulation (the tracers) and one representing temperatures (q*) (cf. Hurley and Galewsky 2010a ). This attribution is not clean, because the temperature field influences the tracers as well; if the circulation were held fixed, changes in temperature would change the locations at which saturation occurs, thus changing the tracer fields. Nonetheless, the correspondence of many aspects of the results below with those in the previous section-in which an entirely different method with different limitations was used to separate the roles of temperature and circulation-suggests that there is some validity to the conclusions. Figure 10 shows zonal mean changes in reconstructed RH using WRM calculations of q* with CTL tracers (Fig. 10a) , and WRM tracers with CTL q* (Fig. 10b) .
These results support the conclusions drawn from Fig. 6 . In particular, circulation changes appear to play a dominant role in the RH changes in the tropical and subtropical troposphere, while inhomogeneous changes in temperature appear to control the RH increase near the extratropical tropopause. These responses can be illustrated in further detail using the last saturation tracer distributions. Figure 11 shows changes in the concentration of two sets of tracers in the tropical upper troposphere. The first set (Fig. 11 , left panels) indicates air that was last saturated in the layer between 288 and 212 hPa, while the second set (Fig. 11 , right panels) indicates air that was last saturated in the layer immediately above (212-150 hPa). There is a dramatic transfer of influence from the lower level to the upper one in the WRM simulation; the concentration of the lower set of tracers decreases throughout the tropical troposphere and appears to be largely replaced by tracer from the upper set. This transfer represents an upward shift in the zones of last saturation throughout the tropics, consistent with an upward shift in the tropopause as shown in Fig. 4b , and as expected from the fixed anvil temperature hypothesis (Hartmann and Larson 2002) . The minimum in tracer concentration change within the layer of interest in Fig. 11d occurs because the tracers in this region are composed of nearly 100% local tracer (L) in both the CTL and WRM simulations, so that there is no potential for increase. Figure 12 shows changes in the tracer concentrations associated with humidity in the subtropical free troposphere. Figure 12 also shows that the extratropical zones of last saturation for the subtropical dry zones shift upward and poleward in the warmer climate (see also Hurley and Galewsky 2010b) . These changes are consistent with an expansion of the tropical Hadley cell and a poleward shift in the extratropical jets, as shown in Fig. 4 . In particular, both circulation and tracer shifts are more pronounced in the Southern Hemisphere. The decrease of RH in the Southern Hemisphere is also stronger in the ModelE, MATCH, tracer reconstruction, and CMIP3 multimodel mean. As mentioned above, these model runs do not include stratospheric ozone recovery, so these asymmetries are likely due to differences in the distribution of the continents and orography between the Northern and Southern Hemispheres.
Summary
The zonal mean signature of the relative humidity response to a doubling of CO 2 is qualitatively robust across climate models. This signature is characterized by a horseshoe-shaped decrease of relative humidity in the tropical upper troposphere, subtropics, and extratropical FIG. 10 . Zonal mean changes in RH reconstructed from the last saturation tracers using (a) WRM temperatures and CTL tracers and (b) WRM tracers and CTL temperatures. Contour intervals are 2%, as in Fig. 1 . The range of zonal mean tropopause pressures (as in Fig. 3 ) is shaded in gray in both panels for reference. free troposphere, with a stronger decrease in the Southern Hemisphere, and an increase in RH in the tropical midtroposphere and extratropical tropopause layer.
Two climate model simulations are performed: one of modern climate and one with doubled CO 2 . The humidity and circulation changes between these simulations are generally representative of the model simulations submitted to the CMIP3 model intercomparison project. Six-hourly meteorological output from the GCM simulations is used to drive a three-dimensional offline tracer transport model that contains both an independent hydrologic cycle and a zonally axisymmetric last saturation tracer scheme. The tracers are capable of quantitatively and qualitatively capturing both the modeled RH field and the pattern of the RH response to warming. Two different methods are then used to separate the role of circulation and transport from that of temperature.
Two perturbation simulations are performed using the tracer transport model that pairs the modern circulation with the doubled CO 2 temperatures and vice versa. The results of these simulations indicate that the horseshoeshaped pattern of the RH decrease is driven primarily by circulation shifts, particularly in the tropical and subtropical upper troposphere, while the RH increases near the extratropical tropopause and changes near the surface appear to be controlled by inhomogeneities in the temperature response to a doubling of CO 2 . Similar conclusions are reached by manipulating the tracer reconstruction of RH to better differentiate between the contributions of circulation, local temperature, and nonlocal temperatures.
Much of the zonal mean RH response is captured by the binary distinction between local and nonlocal last saturation tracers; that is, if the amount of air in a grid cell that was last saturated nearby increases, the RH generally increases as well, and vice versa. This correspondence is particularly relevant near the extratropical tropopause, which exhibits an increase in RH that is associated primarily with an increase in local last saturation. Both of these are driven in large part by the gradient of temperature changes in the upper troposphere and at the tropopause, and lead to an increase in high clouds with substantial implications for cloud radiative forcing in the extratropics and Polar regions.
The last saturation tracers are used to illustrate the influence of simulated circulation shifts on the zonal mean RH. In particular, last saturation zones for the tropical upper troposphere shift upward in the doubled CO 2 climate, resulting in a RH decrease. This shift is consistent with the upward shift of the tropopause and the deepening of tropical convection associated with the Hadley cell observed in the simulation. Similarly, the tracers of last saturation that control RH in the subtropical dry zones shift upward and poleward in the warmer climate, consistent with a poleward expansion of the tropical circulation and a poleward shift of the extratropical jets. The response of relative humidity to a doubling of atmospheric CO 2 is robust among current climate models, as are the changes in circulation and temperature that this study identifies as key drivers of that response (e.g., Randall et al. 2007; Lorenz and DeWeaver 2007b; Vecchi and Soden 2007; Lu et al. 2008; Gastineau et al. 2008) . Moreover, independent studies of global and regional simulations of RH changes in a warmer climate have reached similar conclusions regarding the mechanisms that underlie these changes (Sherwood et al. 2010; Hurley and Galewsky 2010b) . We are thus confident that the results of this study are broadly representative of the RH response and its fundamental causes in current climate model projections of warming. Observational studies of recent historical trends in temperature and circulation are generally consistent with model-simulated trends (e.g., Santer et al. 2003; Seidel and Randel 2006; Hu and Fu 2007; Allen and Sherwood 2008; Santer et al. 2008) , although significant uncertainties remain regarding the ability of climate models to accurately reproduce the full character and amplitude of these changes (e.g., Mitas and Clement 2006; Johanson and Fu 2009) . These uncertainties must necessarily be considered when assessing the applicability of these results to the natural world. In practice, however, it is not possible to independently prove whether individual simulations of future climate are correct or not. Robust model predictions, such as those regarding the zonal mean response of RH humidity to increases in well-mixed greenhouse gases and the changes in circulation and temperature that drive it, represent our best guess as to how the physical climate system will respond to external forcings.
